Chapter 18
The oceans and the world's mean climate

The ultimate aim of regional oceanography is not a description of the oceans in their
steady state but an understanding of the changes that occur in them over seasons, years and
decades. A full understanding of these aspects, to a level where forecasting the oceanic and
atmospheric circulation for months or years ahead becomes a realistic possibility, requires
close cooperation between regional oceanography and geophysical fluid dynamics. In fact, it
inevitably leads to an approach quite different to the approach taken in the first seventeen
chapters of this book, which largely ignored the interaction processes between ocean and
atmosphere and treated the ocean as a self-contained system. The last three chapters in this
book now look at the nature of the interaction and its consequences. It will be seen that the
steady state discussed up to this point provides a logical reference for the discussion; so the
seventeen chapters were not wasted. It will also become clear that much more work needs to
be done before we can claim to fully understand the interplay between ocean and
atmosphere.

In earlier chapters we identified momentum transfer (wind stress), heating and cooling,
and evaporation and precipitation as the key mechanisms through which the atmosphere
exerts an influence on the ocean. We now adopt the opposite point of view and ask: What
are the mechanisms through which the ocean exerts an influence on the atmosphere, and
hence on the world's climate?

The ocean, evidently, is the dominant source of atmospheric moisture; and the latent heat
released when this moisture condenses into rain or snow is the primary driving force for the
atmospheric circulation (the global wind systems). The winds in turn affect the sea surface
temperature in several different ways; and the sea surface temperature largely controls the
magnitude and spatial distribution of the moisture flux to the atmosphere. This shows that
the most important oceanic parameter for the atmosphere which provides the link between
two components of a tightly coupled system is the sea surface temperature (SST). A
discussion of the ocean and the world's climate therefore has to begin with a detailed
understanding of the SST distribution.

A first and very elementary solution to the problem of understanding SST can be
obtained by treating the ocean as a "swamp”, i.e. a layer of water so thin that it can store
no heat, so the heat budget is balanced locally without assistance from currents. In a
“swamp” ocean, the net heat flux into the ocean at any locality is exactly zero at all times.
This assumption allows an easy estimate of SST from which evaporation into the
atmosphere may be estimated. The resulting "swamp temperature” (known as the
equilibrium temperature, Figure 18.1) matches reality to the extent that the ocean is warm
at the equator and in summer, and cold at the poles and in winter. It is quite a useful first
guess against which to measure the effects of ocean currents on SST; but it cannot explain
the observation that seasonal temperature variations are much larger over land than over sea.
SST varies by little more than 30°C, from -2°C near the poles to 30°C in the equatorial
Pacific Ocean; at any particular location its daily variation rarely exceeds 1°C, and its
difference between winter and summer usually falls within +5°C. In contrast, surface
temperatures over land can vary by as much as 100°C over the earth's surface; the daily
temperature range exceeds 10°C in many places, and the difference between summer and
winter temperatures comes close to 100°C in extreme continental climates.
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loss in the far north Atlantic Ocean may vary substantially from decade to decade (see
Chapter 20). Climatologists believe that these year-to-year variations of the heat exchange
with the atmosphere are a major contributor to the observed natural variations of climate.

Similarly, long-term mean evaporation in one part of the ocean produces a continuous
supply of salty water, which must be carried to some other part where there is an excess of
rainfall or runoff. Once again, the transport can take many years to accomplish and is
subject to interannual changes. These, too, may have effects on climate, as will be
discussed in Chapter 20.

Fig. 18.2 Annual mean meridional heat
flux in the ocean and the atmosphere (thin

lines), and total annual mean meridional -2r R
heat flux (heavy line). Adapted from .al i
Carissimo et al. (1985).
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In this chapter we shall review what we know about the long-term mean surface fluxes of
heat and moisture and about how the ocean currents are organized to transport heat and
freshwater from where it is absorbed to where it is released. We will rely strongly on
descriptions given in earlier chapters. However, our data base does not yet allow us to draw
solid inferences about future climate trends, and some recourse to theoretical modelling of
the climate system is necessary even in a text on regional - i.e. observational - oceano-
graphy. Numerical modellers have made considerable progress in creating realistic models of
the ocean circulation in recent years, and these models allow us to explore the potential of
the ocean as an active agent in the world's climate. One of their main results is that the
atmosphere is particularly sensitive to small changes in sea surface temperature in the
tropics; the reasons for this are discussed in the final section of this chapter, in the context
of the mean seasonal atmospheric circulation. This information is needed in the last two
chapters, where we discuss how the coupled ocean-atmosphere system operates to generate
year-to-year and longer term climate variations.

Observed heat fluxes into the ocean

As mentioned in Chapter 1, it is quite difficult to estimate the net heat flux into the
ocean accurately, because it is typically a small residual of four terms, two of which are
relatively large and not very well determined by observations. Solar heating is nearly
always the largest contributor, tending to warm the ocean surface. Simple rules have been
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data. The net heat flux is found by adding all four contributions. Figure 1.6 shows one such
estimate, which was calculated using a particular set of bulk formulae. Other global or
regional climatological maps use different bulk formulae or evaluate the fluxes over
different time intervals and therefore come to somewhat different conclusions.

The sum of the four contributions is generally only a few tens of W m2 over most parts
of the ocean, whereas the rules used for estimating the two largest terms - the solar
radiation and latent heat loss - have errors of this order of magnitude; the merchant ship data
also contain errors. Furthermore, different techniques are used in averaging the data, which
can lead to different smoothing of maxima. This (rather than the different choice of
sampling times) is probably the main reason why different climatologies show fairly large
differences from region to region. Nevertheless, all climatologies are qualitatively quite
similar; and as has already been foreshadowed in earlier chapters, a quite plausible expla-
nation of their general pattern can be given in terms of observed ocean currents. The fact
that this is so is a tribute to the care and diligence which merchant ship officers have put
into the accurate recording of data over the last hundred years or so, without direct reward to
them during their lifetime. Oceanographers and climatologists owe a great debt to them.

Figure 1.6 is an annual mean picture of the ocean heat flux. However, the seasonal cycle
in the ocean currents and temperatures both have large amplitudes in many parts of the
world. One might therefore expect that it would be necessary to examine the heat budget
season by season and then average the result, in order to understand how the ocean achieves
the annual mean horizontal transports of heat implied by Figure 1.6. Surprisingly, this
does not seem to be so, at least to the limited accuracy of Figure 1.6; one can understand
many features of the annual mean heat flux maps quite well in terms of the annual mean
currents (provided care is exercised in interpreting the results), and the mean currents are
primarily driven by the mean wind stress field. Therefore we will mainly interpret the
annual mean heat flux maps, region by region, with annual mean wind stresses and
currents. We will discuss reasons why this approach is reasonable at the end of this chapter.

East Pacific and Atlantic upwelling regions

Along the eastern boundaries of the Pacific and Atlantic Oceans, Figure 1.6 shows
narrow regions of oceanic heat gain extending from about 50°N to 50°S in the Pacific and
from about 50°N to the Cape of Good Hope at 32°S in the Atlantic Ocean. These latitude
limits are not very well defined, because of data limitations and the uncertainty in net heat
flux estimates discussed above, but they are fairly similar to the points at which the annual
mean westerly wind stresses bifurcate at the coast (Figure 1.4a). For example, the
westerlies bifurcate at about 44°N in the north Pacific and Atlantic Oceans, near Oregon and
northern Spain respectively, and at about 48°S in the South Pacific Ocean. equatorward of
these points the nearshore wind stress blows towards the equator everywhere. Upwelling of
cold subsurface water is to be expected at the coast, to supply the offshore Ekman drift
(Figures 4.1 and 8.25). The associated current systems have been described in Chapters 8
and 14 (Figures 8.26, 8.27, 14.16 and 14.17); the surface currents are equatorward, which
also tends to bring in cooler water from higher latitudes and further reduce surface
temperature.

If air temperature and humidity, wind speed and cloud cover are all regarded as fixed, a
reduction of SST reduces the latent and sensible heat loss, and also the net heat loss by
longwave radiation, typically by a total of some 35 W m™2 per °C of SST change.
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turbulence (Figures 8.8 and 14.4) and assists in lowering SST. Horizontal shear between
the South Equatorial Current and the North Equatorial Countercurrent gives rise to wave-
like instabilities in the central and eastern Pacific Ocean (Figure 8.14). These waves are
believed to transport substantial quantities of heat towards the equator, helping to reduce the
intensity of the surface heat flux patch in the eastern Pacific Ocean.

Equatorial Indian Ocean heating regions

The pattern of surface heating in the Indian Ocean is unlike the pattern in the other two
major ocean basins. The Indian Ocean is also the one where different climatologies show
more significant differences in net surface heat flux than in any other ocean; for example,
Figure 1.6 indicates an equatorial heating maximum in the western Indian Ocean, a feature
weak or absent in other climatologies. However, all climatologies agree that heating is
greatest at the western side of the basin - a major difference from the pattern in the Atlantic
and Pacific Oceans which requires explanation.

Alongshore winds along the west coast of Indonesia and the east side of the Bay of
Bengal do not strongly favour upwelling at any time, except along the coast of Java in the
Asian summer monsoon (Figure 1.4b). Furthermore, as discussed in Chapter 11, the
vertical temperature gradient is not quite so sharp near the surface as it is in the eastern
Atlantic and Pacific Oceans, so more upward motion is needed before surface cooling can be
generated. Upwelling does occur along the south Java coast around August, but when the
net heat flux is averaged over the year it does not result in an obvious patch of upwelling-
induced heat gain like that off the Atlantic and Pacific east coasts. The net result is that heat
gain along the eastern side of the Indian Ocean is somewhat weaker than in the other two
oceans. By contrast, annual mean winds favour upwelling along the Arabian, east Indian,
and east African coasts in the northern hemisphere (Figure 1.4). This upwelling and
associated heat gain along the western boundary, a feature unique to the Indian Ocean,
primarily occurs during the summer monsoon when intense southwesterlies blow along all
these coasts. As in the eastern Pacific and Atlantic Oceans, upwelling and horizontal
advection are both essential components in generating the broad-scale pattern of heat flux
seen in the western equatorial Indian Ocean (McCreary and Kundu, 1989).

As discussed in Chapter 11, the seasonal flow regime that results along the African and
Arabian coasts from the monsoon winds is extremely complex, and quite detailed numerical
modelling may be necessary even for a rough understanding of the heat budget of the
northern Indian Ocean as a whole. Nevertheless, it is worth noting that the annual mean
wind stress pattern of Figure 1.4a implies southward Ekman fluxes nearly everywhere north
of about 15°S in the Indian Ocean. This must be balanced by an equal and opposite net
northward geostrophic flow reaching deeper than the Ekman layer and therefore having an
average temperature several degrees lower than that of the surface Ekman drift. The
southward heat transport associated with this balanced pair of flows is of the same order of
magnitude as the net heat flux through the sea surface (this can be estimated from
Figure 1.6 by integrating the fluxes over the Indian Ocean north of 15°S). Thus even in
this strongly seasonal region, the amount of heat transported out may be primarily
controlled by the annual mean winds.

A notable feature in all climatologies is the region of quite large net heat flux into the
ocean in the Indonesian throughflow region. This region does not contain any major
upwelling, so the explanation for the large oceanic heat gain must be found somewhere
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The Agulhas Current is among the strongest western boundary currents in the world ocean
and experiences heat loss in all seasons (Chapter 11). It may be that the observational data
used to construct Figure 1.6 are inadequate in the Agulhas Current region; the same is
probably true for the western boundary current along New Zealand and its extension.

The subpolar north Atlantic Ocean

A region of heat loss without analogue in the other ocean basins can be seen in the
subpolar north Atlantic Ocean. A remarkable aspect of the heat budget in that region is that
the ocean currents supplying the surface heat flux are generated to some degree by the heat
fluxes themselves, i.e. driven to some degree by thermohaline forcing and not by the wind
stress alone. The situation is somewhat similar to that of the Leeuwin Current, but in the
north Atlantic Ocean the process is strongly modulated by salinity effects.

It has already been remarked in Chapter 15 that the north Atlantic is substantially saltier
than the north Pacific Ocean. Part of the reason for this is that much of the freshwater
evaporated from the north Atlantic Ocean is carried over the low mountain ranges of Central
America by the Trade Winds and rains out near the terminus of the Pacific North Equatorial
Countercurrent. (This is the major reason for the large difference in P-E in the Atlantic
relative to the Pacific Ocean seen in Figure 1.7). The freshened water in the Pacific Ocean
is carried northward into the north Pacific subtropical gyre. Meanwhile the saltier water in
the north Atlantic Ocean enters the Gulf Stream and moves northward. Another
contribution is thought to come from the Agulhas Current eddies, which carry salt from the
Indian into the Atlantic Ocean.

This saltiness of north Atlantic surface water has an important consequence. The salty
subtropical water flows northeastward across the Atlantic to the Arctic Ocean in the North
Atlantic and Norwegian Currents; it moves fast enough that the net positive P-E in the
temperate north Atlantic Ocean (Figure 1.7) is not able to freshen this water greatly, so it
remains very salty (relative to the north Pacific Ocean) at 60° - 70°N. As was discussed in
connection with the formation of North Atlantic Deep Water in Chapter 7, the presence of
this high salinity water below the surface water in the Greenland Sea means that little
cooling is required to start convective overturn and sinking. This process of North Atlantic
Deep Water formation has a self-perpetuating character. Because the water moves through
the temperate north Atlantic Ocean so fast it remains salty despite freshwater input into the
region and therefore sinks after cooling; in doing so, it pulls more water along behind it,
maintaining the rapid flow in the surface layer. The rate of North Atlantic Deep Water
formation was estimated in Chapter 7 at about 15 Sv. To put it another way, about 1300
cubic kilometers of water sink from the surface of the north Atlantic Ocean to several
thousand meters depth every day, to return southward as North Atlantic Deep Water. If this
water is supplied from the upper 500 m of the ocean, this corresponds to an ocean region of
50 km side length - the area of Los Angeles or Greater Tokyo. Not surprisingly, the
cooling of this much water from temperatures near 12 - 15°C down to O - 4°C implies a
major warming of the atmosphere; it is thought to be the reason why northwestern Europe
is so markedly warmer than western Canada and Alaska at the same latitudes — water in the
upper 500 m there is much too fresh to permit the formation of Deep Water in the north
Pacific Ocean.

This process illustrates the subtle nature of the dependence of the earth's climate on
apparently minor topographic detail. Central America forms a complete blockage of the
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be considered closed. For many years it was taken for granted that the same simplification
could be applied in a model of the global salt and freshwater budgets. Such a model
produces a net southward transport of salt for the north Atlantic Ocean, as a consequence of
high evaporation in the North Atlantic Current and Deep Water formation and return flow
(Figure 18.4), and a northward freshwater transport that decreases from large values in the
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Fig. 18.5. Transports of (a) freshwater (10° kg s'!) and (b) salt (10° kg s!) by the oceans,
relative to the (undetermined) transports through the passages around Antarctica (index A) and in
the Indonesian throughflow (index P). From Wijffels e al. (1991).
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The model used here, like several other models, is driven by the observed wind stresses.
Furthermore, and again like many other models, it uses the condition that the surface heat
flux at each location is proportional to the departure of model SST from some
climatological estimate of mean sea surface temperature (e.g. Figure 2.5a). Similarly, P-E
is assumed proportional to the departure of model SSS from some climatological observed
SSS (e.g. Figure 2.5b). For climate studies such models are run for several thousand
simulation years until the model ocean changes so slowly in time that it can reasonably be
treated as being in equilibrium. In the model discussed here, the global mean heat flux into
the ocean was balanced to within 0.02 W m2.

Fig. 18.6. An example of model-derived heat flux (W m2). After Hirst and Godfrey (1992).

In this equilibrium solution, the current field which develops is primarily set by the
surface wind distribution. The winds control the Ekman flow, including the Ekman
pumping from the surface layer, and influence the geostrophic flow underneath (through the
Sverdrup relation). They also control horizontal variations of the depth-integrated steric
height, as discussed in Chapter 4; these are set by the requirement to hold the Sverdrup flow
in geostrophic balance. Thermal effects are also important; they control the mean depth of
the thermocline (and hence the magnitude and vertical extent of typical surface geostrophic
currents), and they also result in some examples of density driven flows roughly where we
expect them to occur, on the basis of discussions earlier in this chapter.
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SST-based positive feedbacks in the tropical atmosphere

The recourse to a numerical model in the last section completes our discussion of the
importance of the sea surface temperature as the coupling agent between ocean and
atmosphere for establishing the mean climate. However, sea surface temperature provides
the coupling agent on shorter time scales as well, and in the tropics its role for controlling
the seasonal cycle is so important that a discussion of the mean climate would be
incomplete without consideration of the mean seasonal cycle for the tropics. This also
offers a natural introduction to the topic of the next chapter, variations in the seasonal
cycle, or interannual variability.

Two prominent features of the atmospheric circulation over the Pacific Ocean are the
Intertropical Convergence Zone (ITCZ) and the South Pacific Convergence Zone (SPCZ),
which are seen as cloud bands in satellite imagery (Figs. 8.5 and 19.7). They are nearly
always located near ridges of high SST, with temperatures of 28°C and above. The clouds
are formed when moist near-surface air, transported equatorward and westward by the Trade
Winds of both hemispheres, enters the Convergence Zones. The air then rises; moisture
condenses into clouds, and intense rainfall occurs in the Convergence Zones (compare
Figure 1.7). The condensation process releases huge amounts of latent heat into the
surrounding air, which makes the air expand and keep on rising, thereby sucking more
moist air in behind it. After reaching the top of the troposphere the warmed, dried air
spreads sideways, loses its heat by radiative loss to space, and sinks back towards the sea
surface (Figure 1.1), where the Trade Wind cycle begins again.

There are analogues of the ITCZ in the Indian Ocean region, associated with the Asian
and Australian monsoons, and also over Africa and South America; but unlike the Pacific
convection bands, the locations of these systems are to some extent set by geographic
features (the Himalayas and the Andes).

The atmospheric convection cells of the tropics are the most energetic features of the
global climate. They compete vigorously with one another, in the sense that a mature
convection zone creates wind shears between upper level outflows and near-surface inflows
for thousands of kilometers around it, and these shears strongly inhibit the formation of
other convection zones. Competition between the two hemispheres produces a strong
seasonal cycle, and the mechanism of the SST coupling introduces strong positive
feedback, i.e. a tendency for instability, into the world's climate.

This is particularly noticeable each May - June when solar heating in the northern
hemisphere starts to favour convection there at the expense of the southern hemisphere. At
this time of year (and no other) SST increases to 29°C over most of the tropical Indian
Ocean, and a store of moist air builds up over this region. By analogy with the Pacific
ITCZ and SPCZ one might expect rainfall to develop over this SST maximum. However,
this does not happen, most likely because convection over the Indian Ocean is being
suppressed by the southern hemisphere convective systems of the Pacific Ocean. Whether
for this or some other reason, convection over the Indian Ocean is weakening south of the
equator, and some time around early June convection starts over Asia. The supply of very
moist oceanic air is drawn towards the new convection centre which grows very rapidly; the
SPCZ weakens rapidly at the same time - one might say that it can no longer compete. As
a result of these developments the onset of the Indian summer monsoon is a dramatic and
sudden event. For reasons not yet fully understood the onset of the Australian monsoon
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around November each year is not quite so dramatic; though it can be marked by rainfall
that starts within one or two days over a longitude span of about 40° across northern
Australia.

The clouds associated with the centres of rainfall (which are the driving force for these
atmospheric circulations) influence the longwave back-radiation of incoming solar energy.
Large cumulus towers in high rainfall areas reach very high and have very cold tops; they
emit very little heat energy and are therefore seen in maps of outgoing longwave radiation
(OLR) as local minima. Seasonal patterns of rainfall can therefore be followed by
monitoring OLR from satellites. The observations reveal a prominent difference in the
rainfall patterns of October and May (Figurel8.7). Convection crosses the equator rather
smoothly in October, following the Indonesian Archipelago from Asia to Australia; while
in April/May, just before the onset of the Asian summer monsoon, the convection is weak
and split between Indonesia and the west Pacific Ocean. This hysteresis or asymmetry in
the mean seasonal pattern of the atmospheric convection has the consequence that the
biggest interannual changes in the earth's climate system tend to occur in May. The
atmospheric circulation is very delicately poised at this time of year, and small changes in
SST — and hence of moisture content in the atmosphere — can have disproportionately
large effects on the atmospheric circulation. We explore this further in the following
chapter.
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